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A method is described for calculating ocean wind fields as required by wave and '

circulation models. Winds at the standard height of ten metres are derived from
the Australian region primitive equation atmospheric model using a parametric
boundary-layer model. The boundary-layer model consists of an outer similarity
layer coupled with a logarithmic surface layer. The model is steady state, horizont-
ally homogeneous and barotropic, but includes a stability-dependent correction to
both wind speed and direction. Surface winds derived in this way compare very well
with ship observations in the southeast Australian region. Good agreement is also
obtained with coastal wind observations, although the model is not applicable over
land.

Hindcast and analysis-time wind fields are further enhanced by blending them with
surface wind observations, using a statistical correction method based on the Gauss-
Markov theorem. Erroneous or suspect data are first removed by a quality control
procedure which checks the data against both the uncorrected wind field, and
against neighbouring data. The resulting corrected wind field generally agrees with
unrejected data within the tolerances specified in the statistical correction method.
These wind fields represent a ‘best’ estimate of ocean winds. Ocean forecast models
may be more accurately initialised by driving them with corrected winds for an

appropriate period before the forecast starts.

Introduction

Ocean models, such as wave and circulation
models, rely on an accurate specification of wind
forcing in order to accurately forecast or hindcast
waves and currents. Hindcast winds may be ob-
tained from an analysis of surface wind and press-
ure data. Forecast winds are available only from a
numerical atmospheric forecast model.

Surface observations of wind and pressure over
the ocean are typically sparse and infrequent, rely-
ing primarily on ship reports. Although some
work has been done on the relationship of coastal
winds to winds over the ocean (Hsu 1986), it may
not always be possible to correct for topographic
and sea-breeze effects. Hence, in practice, hind-
cast ocean winds are commonly derived either
from surface pressure analyses, if these are avail-
able at the time required, or from the earliest
possible forecast of an atmospheric model.
Marsden (1987) has indicated that surface geo-
strophic winds determined from the surface press-
ure field are not good predictors of open-ocean
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surface winds at periods less than about 2.5 days.
Blackman and McCowan (1984) note the dispar-
ity between surface wind observations (both coas-
tal and ship) and geostrophic winds in Bass Strait.
This article will concentrate on determining
ocean winds from wind field output from a
numerical atmospheric model.

Many wind-driven ocean models are calibrated
to accept winds specified at the standard height of
10 m above the ocean surface. However, not all
numerical atmospheric models calculate winds at
this height. For example, the current operational
Australian region atmospheric model dt the
Bureau of Meteorology only calculates winds
down to a height of about 170 m (Leslie et al.
1985). To obtain the best possible hindcast and
forecast surface winds, it is desirable to have an
accurate boundary-layer model to estlmate 10 m
winds from 170 m winds.

A considerable amount of theoretical and ex-
perimental work has been done on modelling the
planetary boundary layer. These models may be
roughly divided into two categories: parametric
boundary-layer models based on similarity the-
ory, and direct numerical modelling. For the pres-
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ent study, the simpler and computationally faster
parametric model is used. Hess et al. (1981) give a
review of boundary-layer theories, and discuss re-
cent experiments designed to calibrate and test
these theories. The model used in this article is a
standard two-layer model, incorporating a surface
logarithmic layer corrected for atmospheric sta-
bility, matched to an outer similarity layer. The
similarity functions calculated by Yamada (1976)
from land-based data are used. However, no as-
sumption is made in similarity theory which
restricts its application over the ocean. The only
difference is that the surface roughness is a func-
tion of wind speed over the ocean, and this depen-
dence is well documented (e.g. Wu 1980; Wu
1982). Garratt and Francey (1978) give a com-
parison of land and ocean-based calculations of
one of the similarity functions in the unstable re-
gime. The differences observed may be attributed
to experimental design and errors rather than any
fundamental difference in boundary-layer struc-
ture over the two surfaces. If anything, boundary-
layer theory should work better over the ocean
because the assumption of a horizontally homo-
geneous surface should be more nearly met.

A slightly different boundary-layer model has
been used to obtain surface winds from sea level
pressure by Isozaki and Uji (1974), based on work
by Blackadar (1965) and Cardone (1969). Their
two-layer formulation has the same surface layer
as ithe present work, but the outer layer is an
Ekman layer. The present formulation is more
general because no assumption about vertical
eddy diffusivity need be made.

It is also desirable to use all ocean wind data to
improve the estimates of surface winds. Atmos-
pheric model-derived winds will contain forecast
errors, as well as errors due to simplifications
made in the boundary-layer model. Such errors
may be corrected to some extent by forcing the
wind field to agree approximately with validated
surface wind data. Alternatively, one may inter-
pret this procedure as using a dynamical model to
interpolate between sparse observations. In either
case, all the available information 1s being used to
obtain the best estimate of ocean surface winds.

A common method for blending observations
with a model-derived estimate of a field is based
on a standard statistical result known as the
Gauss-Markov theorem, and was first used in a
meteorological context by Gandin (1965). The
method is variously known as statistical inter-
polation or objective analysis, and determines the
minimum variance estimate of the field of interest
based on specified statistics of the field and
data.

In any automated procedure involving real
data, the data should be checked for gross errors.
Lorenc (1981) has shown how this may be done
using the same statistical interpolation method
used to correct the initial ficld estimate. Data are

checked for consistency with the initial field, and
also for consistency with neighbouring data using
a cross-validation method. The present imple-
mentation uses an adaptation of Lorenc’s work by
Glowacki and Seaman (1987).

Boundary-layer model

The operational version of the Australian region
primitive equation atmospheric model (Leslie et
al. 1985) uses sigma coordinates (pressure as a
fraction of surface pressure) in the vertical, with
the lowest level at 0=10.98. The height of this
sigma level above the surface in dry air may be
estimated from the hydrostatic equation and
equation of state for dry air:

where Az is the change in height between two
sigma levels separated by Ao, T is the average
layer temperature (in degrees Kelvin), R is the gas
constant and g is the gravitational constant. A
good approximation to the height of the 6= 0.98
level above the ground is thus

2,=0.585T,, L2

where the subscript o specifically refers to
=0.98, and T, has been used as an estimate of
the surface-layer temperature. The value of z, is
relatively insensitive to temperature for typical
values of T,. For example, z,=163 m for
To=5°C, and z,=177 m for T;=30°C. The
boundary-layer model turns out to be quite insen-
sitive to such variations in z 4, and a mean value of
zo= 170 m may be used without penalty.

The lowest level winds available from the at-
mospheric model are at this lowest sigma level. It
is necessary to use a boundary-layer model to esti-
mate winds at the standard height of 10 m. Para-
metric ‘boundary-layer models have been the
subject of much discussion in the literature. They
provide a relatively simple and computationally
fast way of obtaining 10 m winds. For a general
review and comprehensive list of references, the
reader is referred to Hess et al. (1981). The par-
ticular formulation used here is based mainly on
work by Yamada (1976), who provides explicit
formulae for the similarity functions required by
the theory. The theory is now discussed briefly.

An idealised, steady state, horizontally homo-
geneous and barotropic boundary layer is as-
sumed. In the upper part of the boundary layer a
similarity theory is used. The precise height at
which this layer begins is unimportant, so long as
it isbetween 10 m and 170 m. A common estimate
is around 30 m (Roll 1965). It is assumed that if
the wind (or temperature) is suitably scaled then
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its profile is given by a universal function which
depends only upon normalised height and at-
mospheric stability:

u—u

= F,(z/zs, z/L) ... 3
60— 0
0

*

S = Fy(z/z, 2/L) ... 4

where u is wind velocity, @ is potential tempera-
ture, z is height, and the subscript s denotes a scale
for these variables. The friction velocity is u,, and
the friction temperature T, is related to u, by

T, =Hy/u, .5

where Hy = (— w8), is the surface heat flux. Note
that this definition, due to Yamada (1976), has
the opposite sign to the usual definition used by
Hess et al. (1981). With the present definition, the
heat flux in a stable atmosphere, where the surface
air temperature exceeds the sea-surface tempera-
ture, will be positive. The Obukhov length L is a
measure of atmospheric stability,

3
=_u1‘_ ...6

~ kBgH,

where k is von Karman’s constant and B is the
thermal expansion coefficient. With this defi-
nition, L will be positive in a stable atmosphere,
which is consistent with current convention. F,
and Fy are the universal outer profile functions.

Wind and temperature profiles in the surface
layer are assumed to be given by logarithmic pro-
files corrected for stability:

lu(z)| = Eka [In(z/20) — wu(z/L)] LT

and

0(z) = B(zg) + LeLT0 o[ln(z/zo)— vdz/L)] ...8

where 2z, is the roughness length, Pry is the turbu-
lent Prandtl number at neutral stability, and y,
and g are experimentally determined stability
functions for wind and temperature respectively.
Note that in the surface layer there is no direc-
tional change of wind with height. This is because
the layer is so (relatively) thin that the turning of
the wind with height may be neglected.

Similarity theory assumes that there is a layer
where the outer formulation (Eqns 3 and 4) and
the surface formulation (Eqns 7 and 8) hold sim-
ultaneously. Matching the two theories leads to
the equations

u, = |uy| k{[ln(zs/zo) —A(z/L)]?+ Bz(zS/L)} —12
.9

Ho = 3X[0, — 8(z0)][In(z4/20) — Clzg/L)] !
Pl'o

. 10
and

sin p=— 51800 p, 7 BT
k| uy| :

where f is the Coriolis parameter and ¢ is the
clockwise angle by which the wind in the surface
layer is rotated relative to us. The similarity func-
tions A, B and C are determined from land-based
data by Yamada (1976). _

The roughness length z, over land is a function
of the terrain. Over the sea, zy may be related to u,
on dimensional grounds (Charnock 1955)

au?

Zo=—g" 12

where the constant a has been determined exper-
imentally by Wu (1980) tobe 0.0185. We note that
there is some recent evidence supporting an
alternative relation between zg and u, (Toba et al.
1990), and that Eqn 12 may be easily modified if
necessary. '

Appropriate scales for height, velocity and tem-
perature (denoted by zg, ugand 6; respectively) are
the subject of some debate (e.g. Yamada 1976;
Hessetal. 1981). In the present case, the relatively
coarse vertical resolution of the atmospheric
model leaves few choices. It has proven adequate
to use the values at the lowest level of the model as
scales (approximately 170 m height). The next-
highest model level is at approximately 600 m, so
that model values at the lowest level can be taken
to represent an average over the bottom 400 m or
so of the atmosphere. Such values will be a good
approximation to the boundary-layer averaged
scales recommended by Yamada (1976).

There are two remaining unknowns in Eqns 9
and 10, namely u, and Hy. These two' simul-
taneous non-linear equations are solved for u,
and Hp using the Newton-Raphson method
(Press et al. 1986). The wind turning angle ¢ may
then be diagnosed from Eqn 11. Initial guesses for
the variables are u, = |us|/30 and Hos = 10~ 2sign
[6,— 6(zp)], where 0(20) is taken to be the sea-sur-
face temperature.

Note that similarity theory is not intended to
provide vertical wind profiles in the outer boun-
dary layer, but is used to determine surface fluxes
of momentum and heat. The universal outer pro-
file functions F, and Fg4 are rarely determined
from experiments, so that profiles are not avail-
able by using Eqns 3 and 4. (For an exception, see
Clarke and Hess (1974).) Once the surface fluxes
are determined, however, surface layer wind pro-
files are available by using Eqns 7 and 8.

The Newton-Raphson method converges in
about eight iterations except in stable conditions
for wind speeds less than about 2 m s~!. Under
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these conditions the surface layer is effectively
decoupled from the higher levels, and the method
fails. To counteract this, a minimum u, value of
0.005 is set (which implies a minimum z, from
Eqgn 12), so that there is always a small surface
wind (considerably less than 2 m s™1), The effect
on wind-driven ocean models should be negli-
gible.

Once u, and Hg have been calculated, Eqn 7 and
Eqn 11 may be used to determine the wind at
10 m. The stability function y, as determined by
Businger et al. (1971) is used because Yamada
(1976) has determined A, B and C using Busin-
ger’s constants k = 0.35 and Pro = 0.74. More con-
ventional values arek = 0.4 and Pro=1.0 (Hess et
al. 1981). Businger’s stability function is not valid
in very stable or very unstable conditions. The
restriction in the unstable regime is not a problem,
because the atmosphere over the ocean is rarely
significantly unstable in our applications. In the
stable regime, a different stability function due to
Kondo (see Yaglom 1977) is used when
z/L>0.263. The different stability functions do
not quite match at this value, but the effect on the
wind speed is insignificant. Note that Yaglom
(1977) transforms all stability functions quoted
therein to a value of von Karman’s constant of
k=0.4.

Statistical correction

Surface wind fields are corrected using surface
wind observations in a two-step procedure. First,
data are checked against the initial wind field, and
also checked for internal consistency to try to
eliminate grossly wrong measurements. Then,
data which are not rejected are blended with the
initial estimate of the wind field using a statistical
interpolation method. The two orthogonal com-
ponents of the wind are treated separately in order
to utilise the scalar data checking and analysis
package of Glowacki and Seaman (1987).
However, data are totally rejected if either com-
ponent is rejected.

The data checking makes use of the same stat-
istical interpolation used in correcting the wind
field, and so the interpolation method is discussed
first.

The statistical interpolation method is based on
the Gauss-Markov theorem (Gandin 1965). This
theorem determines that estimate of the wind
field which is unbiased, linear in the data and has
the minimum variance, given the expected value
and covariance of both the wind field and the
data.

Consider estimating the u-component of the
wind field as a function of horizontal position
X =(Xi, X;). The Gauss-Markov estimate is

ug(x) = u(x) + q"(x)C~!(d — d) ... 13

where the overbar denotes expected value, d is
the data vector, C~! is the inverse of the data co-
variance matrix:

C=@d—-d)d—d)T ... 14
and qT(x) is the transpose of the field-data cross-
covariance vector as a function of position;

q(x) = (u(x) — u(x))(d — d) ... 15

The average squared error of the estimate (Eqn
13) is

e2(x) = (u(x) —u(x))! —q"(x)C " lq(x) ... 16

The v-component of the wind field is estimated in
identical fashion. _

In practice, the mean wind field u(x) and mean
data values d are replaced by the initial wind field
and the values of this field at the data points re-
spectively. Hence the estimate (Eqn 13) will not
have the minimum variance properties of the
Gauss-Markov estimate, nor will it be an un-
biased estimate in general. However, each indi-
vidual realisation is likely to be closer to the true
wind field because the initial wind field obtained
from the atmospheric model and boundary-layer
model is almost certainly a more accurate repre- -
sentation of the instantaneous wind field than is
the mean wind field. Alternatively, one may note
the equivalence of Gauss-Markov interpolation
and spline interpolation (McIntosh 1990). With
the latter interpretation, the estimate (Eqn 13)
may be considered as simply a spatially smooth
adjustment to the initial wind field. In either in-
terpretation, the estimate agrees approximately
with the data, and tends smoothly towards the
initial field away from data points.

The radius of influence of the data is deter-
mined by the wind field correlation function,
from which the wind field data cross-covariance
vector q(x) is calculated. It is possible to define a
streamfunction w(x) for surface winds, and
because surface winds are in approximate geo-
strophic balance with surface atmospheric press-
ure, the streamfunction and surface pressure pat-
terns should have similar length scales. For this
reason, the two-point streamfunction covariance
function c(x, y) is chosen to be isotropic with a
decay length-scale of 600 km, a typical length-
scale for surface pressure patterns. Mclntosh
(1990) has shown that the interpolated field is
relatively insensitive to precise specification of
the length scale and shape of the covariance func-
tion. The standard bell-shaped curve is adopted in
the absence of a detailed covariance analysis:

—Ix—v|2
c(x, y)=KZ%xp <_[xi2_y|_> S 17

where K? is the variance of y and R is the decay
length scale.
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The individual wind field component covari-
ance functions are obtained from the streamfunc-
tion covariance by differentiation, noting that the
operations of expectation and differentiation
commute. The u-component covariance function
is given by

_ 2(x2—y)? —|x—y?
Cu(X, Y)_K%l<l_ 2R2 2 >exP< |R2 I
... 18

where the position vectors are x=(x,,x;) and
y={(¥1, y2), and K2=2K?R " is the variance of
the u-component. The v-component covariance
function is

2(x1 —y1)? —|x—y|?
cv(x,y)=K3<l— R )exp< IRZ l
... 19

and K2=2K?R~2 is the variance of the v-com-
ponent.

The components of the data vector d may be
written, in the case of the u-component,

di=U(Xi)+€i i=1,...,N ... 20

where x; is the ith datum location. The data errors
&; will be assumed to be uncorrelated and have
zero mean, that is,

;g = E%§; ... 21

where §;; is the Kronecker delta, and E; is the stan-
dard deviation of the ith datum.

Data checking

Before any datum is allowed to influence the
initial wind field, it is checked for gross errors
against this field, and also checked for consistency
with nearby data. The method used, described
below, was developed by Lorenc (1981), and
adapted by Glowacki and Seaman (1987) into a
two-dimensional univariate data checking and
analysis package.

Each component of the wind field is treated sep-
arately. First, the data are checked against the
initial wind field, and flagged as suspect if, taking
the u-component as an example,

(di — (x)))?>THK2 + E?) .22

where the non-dimensional tolerance T, is speci-
fied here as four, a value suggested by Glowacki
and Seaman (1987). That is, data which differ
from the initial field by more than four ‘total’
standard deviations (combined initial wind field
and data standard deviations) are considered as
likely to be wrong.

Each observation, including those considered
suspect, is then cross-validated against the other

data by estimating the wind field using Eqn 13,
but leaving out the observation to be checked and
also leaving out suspect data. This estimate, de-
noted by ul(x) when the ith observation is left out,
together with the associated squared error esti-
mate e¥(x) obtained from Eqn 16, is used to decide
if data are rejected or not. In particular, data are
rejected if, for the u-component, |

(di — ud(x))*>THed(x;) + 0.1 K2) ... 23

where the factor 0.1K2 is a somewhat arbitrary
allowance for errors in e? due to using estimated
standard deviations and correlation functions.
The tolerance T} is set to 2.5 for data already con-
sidered suspect, and four for other data. All obser-
vations are either cleared or rejected at this
stage. ‘

The way in which the separate wind compon-
ents are treated is as follows. First, the u-compon-
ents of the data are checked, and rejected data
flagged. Then the v-components of unrejected
data are checked, and again rejected data are
flagged. The u-components of data not rejected at
either of the previous steps are checked'again, and
the Gauss-Markov estimate of the u-field is ob-
tained. It is possible at this step that more data will
be rejected, because the v-field data checking may
have rejected data previously used to validate u-
component data. Finally, v-data not rejected at
any previous step are checked again, and the
Gauss-Markov estimate of the v-field obtained. It
is unusual for data to be rejected at this stage.
Ideally the data-checking iteration should con-
tinue until no data are rejected at either the u or v
step. In practice, two iterations seem to be suf-
ficient.

Example

An example calculation of 10 m ocean winds is
given here to demonstrate the boundary-layer
model, data checking and statistical correction
procedures. The example is taken from the oper-
ational system at the Bureau of Meteorology,
where surface winds are calculated every three
hours over the southeast Australian region in
order to drive the operational wave model. The
wave model is currently allowed to ‘spin-up’ for
12 hours using data-corrected winds before a fore-
cast begins, so that the best possible initial con-
ditions are obtained. Forecast winds are obtained
from the operational atmospheric model and the
boundary-layer model described earlier, but, of
course, no data correction is possible.

Figure 1 shows the lowest sigma level winds
(0=0.98, or about 170 m) from the atmospheric
model in the southeast Australian region, valid at
2300 UTC 28 March 1988. The winds are ob-
tained shortly after the atmospheric model is in-
itialised and will contain errors arising from the
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analysis and normal mode projection from which
the model is started, but the winds will not be
influenced by forecast errors. The only surface
wind observations which could contribute
towards the initialisation are 1000 hPa radio-
sonde winds; such data are not utilised here by the
statistical correction.

Figure 2 shows 10 m winds obtained by appli-
cation of the boundary-layer model. Clearly the
surface winds have been rotated cyclonically, as
would be expected from Ekman theory. It is not so
clear that wind speeds have been reduced by about
10 per cent. Table 1 gives speed and direction
changes to be expected from the boundary-layer
model for typical values of velocity at 170 m and
air-sea temperature difference. It can be seen that
the largest cyclonic rotations occur at low wind
speeds with a stable atmosphere.

In the present example, air-sea temperature dif-
ferences range between — 1°C in the Tasman Sea

Fig. 1. Lowest level winds (about 170 m) in the south-
east Australian region obtained from the nu-
merical atmospheric model, valid at 2300 UTC
28 March 1988.
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Fig. 2. Surface winds (10 m) obtained using the bound-
ary-layer model.
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Table 1. Examples of speed and direction differences in
the boundary layer between 170 m and 10 m.
Tair— Tsea ’" 170 ! ‘ 0| ¢
(C) (ms) (ms™) (degrees)
-2.0 5.0 44 4
0.0 5.0 4.5 13
5.0 5.0 3.1 28
10.0 5.0 2.8 34
20.0 5.0 2.7 38
—-2.0 15.0 13.3 10
0.0 15.0 13.2 15
5.0 15.0 12.9 17
10.0 15.0 12.1 19
20.0 15.0 11.8 21
—-2.0 25.0 217 14
0.0 25.0 21.6 17
5.0 25.0 21.4 18
10.0 25.0 21.2 18
20.0 25.0 20.9 19

to + 5°C in the Southern Ocean south of Aus-
tralia. Ocean temperatures are monthly climatic
averages, as used by the atmospheric model. Al-
though these values may be in error by several
degrees in particular months, the air-sea temper-
ature difference should be more accurate than this
because the atmospheric model is responding to
these monthly values, not the true values. In any
event, the boundary-layer model is not overly sen-
sitive to a change of a few degrees in the temper-
ature difference.

As a check on the accuracy of the boundary-
layer model, a comparison was made between cal-
culated surface winds and coastal and ship obser-
vations. Only those observations which were not
rejected by the statistical data checking were used.
For this purpose, tentative background field and
data weights were assigned. For each orthogonal
component of the wind, the background field
error K, or K, was set to 2.5 m s~} The data error
estimates E; were estimated as 1.0 m s~! for coas-
tal data, and 1.5 m s~ ! for ship data. These num-
bers are meant to reflect in a very general way the
expectation that the data is more accurate than
the background field, and that measuring winds
from a moving ship is likely to be more error
prone than from a fixed coastal station.

Over a period of about one month, the mean
and standard deviation of calculated winds minus
data were calculated. To minimise the influence
of forecast errors only winds calculated immedi-
ately after atmospheric model initialisation are
considered here (although statistics calculated
from six-hour forecasts are almost identical).
Wind speed and direction are treated separately,
and directional errors are calculated only when
both the calculated and observed wind speeds are
greater than 2.5 m s~ !. The results are presented
in Table 2. It appears that the boundary-layer






