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A three-dimensional, non-hydrostatic, terrain-following numerical model was used
to investigate the Adelaide gully wind of South Australia. It reproduced most
features of this downslope wind.

Results showed that the onset and strength of the Adelaide gully wind are critically
dependent on the upstream wind and potential temperature profiles, and that the
appearance of this local wind is also strongly influenced by the complicated three-
dimensional effect of the real topography. The results also suggest that the pro-
duction of the Adelaide gully wind can be explained by either the wave-resonant
amplification mechanism or the hydraulic amplification mechanism.

A sensitivity study of the numerical model showed that a grid size of Ax =Ay =1 km
is desirable for resolving the fine structures of the Adelaide gully wind, including

regions of reversed wind flow at the surface.

Introduction

Downslope winds have been observed in the lee of
mountain ranges in all parts of the world. They
include the foehn of alpine Europe (Hoinka
1985a), the bora of Yugoslavia (Smith 1987), the
chinook of the Colorado Rocky Mountains (Lilly
and Zipser 1972), yamaji-kaze of Japan (Akiyama
1956), the scarp wind of Perth (Pitts and Lyons
1989, 1990; Blockley and Lyons 1994) and Adel-
aide gully wind (Holton 1985; Marsh 1987; Grace
and Holton 1988, 1990; Holton and Grace 1989a,
b; Grace 1992, 1995). One of the most docu-
mented and most studied downslope winds is that
of Boulder, Colorado (e.g. Brinkmann 1974;
Klemp and Lilly 1975, 1978; Lilly 1978; Peltier
and Clark 1979; Durran and Klemp 1983; Clark
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and Farley 1984; Hoinka 1985b; Bower and Dur-
ran 1986; Durran 1986; Neiman et al. 1988§;
Richard et al. 1989; Scinocca and Peltier 1989).
Generally, features of strong downslope winds are
a night-time speed enhancement, sudden onset,
marked variability in strength but not in direc-
tion, and a stable layer or inversion near or just
above hilltop level. The cross-section of the
mountain range is usually ramp-shaped (i.e.
gently sloping to windward with a much steeper
slope to leeward), for which the wave amplitude
and wave drag are significantly enhanced (Lilly
and Klemp 1979; Miller and Durran 1991). In
some areas, downslope winds may gust to more
than 50 m/s, creating a hazard to aviation, in par-
ticular, and damage to buildings and trees.
Several explanations have been proposed for
the development of strong downslope winds:
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firstly, an explanation based on analogy with
hydraulic flow over an obstacle where there is a
transition from subcritical to supercritical flow
(for example, Kuttner (1939) and especially Long
(1954)). Attractive as the hydraulic theory is, it
has the disadvantage of not accounting for
the vertical transport of energy of internal gravity
waves. A second explanation (Klemp and Lilly
1975) is based upon the superposition of upward
and downward propagating waves partially
reflected at interfaces of changing Scorer par-
ameter. This explanation of a nonlinear phenom-
enon based on a linear effect has not- proved
especially useful. A third explanation (Clark and
Peltier 1977) is that wave breaking plays an
important role. Vertically propagating waves
become statically unstable and break, thereby cre-
ating a region of strong mixing and local wind
reversal. This region, in turn, acts as a reflecting
layer thereby trapping waves, which grow with
time, ultimately producing very strong surface
winds. A lucid and comprehensive review is pro-
vided by Durran (1990) although there is still
lively discussion as to the relative merits of the
first and third explanations.

Wave breaking of homogeneous flow over top-
ography has been studied extensively with
numerical models (Durran 1986; Laprise and Pel-
tier 1989; Bacmeister and Schoeberl 1989; Ikawa
and Nagasawa 1989; Ikawa 1990; Saito and Ikawa
1991; Miranda and James 1992; Saito 1993); a
hydraulic model (Baines and Granek 1990) and
water tank apparatus (Castro et al. 1983; Baines
and Hoinka 198S5; Castro 1987; Rottman and
Smith 1989). These works show that a severe wind
state can develop even when the mean wind speed
and the stability are uniform with height, as long
as there is a wave-breaking region aloft acting as a
wave-induced critical layer. This hypothesis was
explored further by Clark and Peltier (1984),
Tomine (1984, 1987), Durran and Klemp (1987),
Klemp and Durran (1987), Bacmeister and Pier-
rehumbert (1988), Pitts and Lyons (1990) and
Scinocca and Peltier (1991), who simulated the
evolution of mountain waves propagating in an
ambient flow that had a pre-existing zero-wind
line referred to as an ‘enviromental critical level’.
Durran and Klemp (1987) and Bacmeister and
Pierrechumbert (1988) discussed the dependence
of the high-drag state solution on the mountain
height and the critical-level elevation. They
showed that the character of the severe wind state
conforms closely to the predictions of the nonli-
near analytic solutions of Smith’s internal
hydraulic theory*(Smith 1985) and to a similar
theory by Grace (1992, 1995). Scinocca and Pel-
tier (1991) found that the temporal evolution of
the flow towards the high-drag state is also
strongly influenced by the value of local gradient
Richardson number, Ri to a degree that depends

on the strength of the topographic forcing. For
severe downslope windstorms, this dynamical
instability may represent a strong source of turbu-
lence through a release of the instability on the lee
slope of the mountain (Clark and Farley 1984; Sci-
nocca and Peltier 1989, 1993, 1994; Peltier and
Scinocca 1990; Smith 1991). Recently, more and
more results suggest that the wave-breaking
mechanism, which amplifies the drag and the
downslope wind, is fundamentally similar to that
produced through the transition from subcritical
flow to supercritical flow in shallow-water
hydraulic theory. In this view, the current, which
develops beneath the breaking region, closely
resembles an internal hydraulic jump (Clark and
Peltier 1984; Durran 1986; Durran and Klemp
1987, Klemp and Durran 1987; Bacmeister and
Pierrehumbert 1988; Pitts and Lyons 1990; Ikawa
and Nagasawa 1989; Ikawa 1990; Saito and
Ikawa 1991; Saito 1993). ,

Holton (1985) conjectured a hydraulic-jump
mechanism for the Adelaide gully wind based
upon its association with strong stability in the
lower levels up to 500-1000 m. An additional
mechanism applicable to the Adelaide gully wind
proposed by Grace and Holton (1990) and mod-
elled by Grace (1995) assumes that a cool, shallow
air mass, usually in the form of a sea-breeze,
moves inland during the day to the eastern side of
the Mt Lofty Ranges (see Fig. 1). This air mass is
then inertially trapped against the eastern flank of
the ranges and builds to sufficient height to cas-
cade down the western slopes as a gravity current,
especially through the saddles and gullies. How-
ever, this mechanism is not associated with the
strongest gully wind events.

In this study, we use a three-dimensional, non-
hydrostatic, terrain-following mesoscale numeri-
cal model with an appropriate turbulence scheme
to simulate the Adelaide gully wind of South Aus-
tralia. The main purposes are (a) to identify causal
mechanisms, (b) to determine under what synop-
tic upstream conditions the Adelaide gully wind
occurs, and (c) to answer questions such as: how
extensive is the Adelaide gully wind? how far to
the lee does it blow? where is the position of the
hydraulic jump and what is the spatial variation
of the jump?

The organisation of this paper is as follows. The
geographical features of the Mt Lofty Ranges and
the climatological feature of the Adelaide gully
wind are outlined followed by a description of the
numerical model and the design of the numerical
experiments. Next, the results for numerical
experiments in which either the critical layer or
the inversion layer is removed are shown, and the
sensitivity to numerical horizontal resolution is
also being investigated. Finally, a summary and
outlook are given.
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Fig. 1 Map of Mt Lofty Ranges. The rectangle framed
by a solid line is the horizontal domain for the
three-dimensional numerical experiments.

HEIGHTS
IN METRES

600-900
300-600
150-300

0-150

Vi

ST VINCENT

25 50

GULF

kilometres

Aldinga,

airfield
ya

¢
SOUTHERN OCEAN 090
/1,
G

Geography of the Mt Lofty Ranges
and observed features of the
Adelaide gully wind

The Mt Lofty Ranges of South Australia (Fig. 1)
are 40 to 50 km wide with an average height of the
ridges of 500 m. The ranges have a ramp shape
and are oriented approximately from north-
northeast to south-southwest. To the west, the
land falls steeply over a horizontal distance of 3 to
5 km, but then slopes gently across a coastal plain
of varying width. The city of Adelaide is situated
on this coastal plain.

Easterly downslope winds commonly occur on
the western flank of the Mt Lofty Ranges and
often extend several kilometres further westward.
In the Adelaide region, the downslope winds are
known as gully winds, for these winds are most
pronounced over locally steeper lee slopes and
gully sites. A common observation is of moderate

easterly winds at the mountain tops with strong
gusty easterly winds about the lee foothills, while a
few kilometres further downstream the wind is
light and may even be weakly reversed. Marsh
(1987) reported a gust of 30 m/s at a wind-energy
monitoring site that is located about 40 km south
of Adelaide. Nineteen out of thirty gully-wind
events, studied by Grace and Holton (1988), were
associated with moderate to severe turbulence as
reported by aircraft operating out of Adelaide Air-
port. In extreme cases, trees have been uprooted
and houses have been damaged. The winds may
also seriously hamper fire-fighting operations in
the Mt Lofty Ranges.

Adelaide gully-wind events occur in the warmer
months of November to March and during the
night. Typically, they occur if the stream is a
stable and vigorous east to southeasterly. Marsh
(1987) identified a common synoptic situation for
the damage-causing events; namely, a high
centred at 40°S between 125° and 140°E, with a
cold front moving across the east of Tasmania and
extending a weak northern portion into the south-
east of South Australia. An example is given in
Fig. 2, which shows the synoptic situation at 0900
CST on 14 February 1980. Grace and Holton
(1988, 1990) showed that the gully winds often
had an easily identified onset and cessation.
Namely, the wind regime switched sharply from
light and variable to fast and fairly steady in direc-
tion, or vice versa. Analysing low-level winds
from Adelaide Airport, Grace and Holton (1988)
showed that there is typically a low-level jet at
about 300 to 400 m associated with gully-wind
events. About half the events had westerly 1000 m
winds, and about a quarter had westerly or light
winds at 600 m. Usually the wind above 1500-
2000 m on a synoptic scale is westerly. These

Fig.2 Mean sea-level pressure chart for 0900 CST 14
February 1980; typical for strong gully winds.
Mark indicates the location of Adelaide city.
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results emphasise the shallow nature of the gully
winds. Contrary to conventional expectation,
Grace and Holton (1988) also found that the pres-
ence of an elevated subsidence inversion on the
Adelaide Airport sounding was a poor indicator of
a subsequent or simultaneous gully-wind. None-
theless, the most damaging gully-wind events do
appear to be associated with a marked subsidence

inversion or a post-frontal inversion. Isentropic

analyses of a moderate gully-wind event by Grace
(1992) at Fig. 3 show a decoupling of the flow
above and below the 26°C isentrope originating
upstream at about 1000 m altitude. Humidity

Fig.3 Three-hourly isentropic cross-section for 2/3
February 1988 along bearing through Mt Lofty.
Faint lines show aircraft and balloon trajectories.
Offset winds are for Adelaide Airport and
Nairne. Times are CST. (From Grace 1992.)
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cross-sections at Fig. 4 also reinforce this con-
clusion. The available upper winds above 1000 m
are either very light or westerly. The overall
impression is of striking similarity to a hydraulic
jump.

Numerical model

Maodel equations

The model equations are based on the atmos-
pheric primitive equations simplified by the
anelastic and Boussinesq approximations. The

Fig.4 As for Fig. 3 but specific humidity in g/kg. (From
Grace 1992.)
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equations are averaged following Reynold’s con-
cept and the resulting covariances are parame-
trised by flux-gradient relations. For simulations
of the air flow over topography, a terrain-follow-
ing coordinate system is used. After transform-
ation from the usual Cartesian coordinate (x,sy, z)
to the terrain-following coordinate (x, y, n) with

z—h
H—h

where A(x, y) is the height of the topography and H
is the height of model domain, the governing
equations for a three-dimensional, non-hydros-
tatic and dry numerical model are
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The relationship between the vertical velocity w
in the Cartesian coordinate system and that in the
terrain-following system is given by

ah> ...8

w=(H~— h)m+(l—n)< ah 3

Besides the usual symbols in the aforementioned

equations, p” and 0’ are the mesoscale deviations
of pressure and potential temperature from the
basic state.

The turbulent eddy diffusivity for momentum
K., is evaluated from the turbulent kinetic energy
E and the turbulent dissipation rate &. Transport
equations for E and € are as follows:

d_E Klm {<6u> +<§1>2}_ K\'/} gﬂ_
dt  (H—h) an H—h8 an
<k/un 6E> <Khm aE)
<K/un 3E> <Khm 88) 9
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+i<K/1m aS) + 1 d (Krm 68>
ay\ o, ay/ (H—h)*an\ o, dn

where o, and o, are the ratios of the eddy diffu-
sivity for momentum to the turbulent kinetic
energy and its dissipation rate, respectively. The
vertical eddy diffusivity K, is then determined
from the turbulent kinetic energy E and its dissi-
pation rate € as

.10

_. E _ 1

in which both F and ¢ are solutions of Eqns 9 and
10. The vertical eddy diffusivity for heat, K, is
represented by

Kr/l:ﬁ 12

(o8

where ¢ is the turbulent Prandtl number. All the
constant values of the model parameters (¢|,, Ca,
C3e. c¢,)in Eqns 9 to 12 are the same as those used
in a previous study (Sha et al. 1991). The horizon-
tal eddy diffusivity for momentum, K, in a
nonlinear three-dimensional form (Pielke 1974a,
1974b; Mahrer and Pielke 1977; Physick 1988)

defined as
2\
o] 2]
ay ax ay

.13

K = Blaxap){ [

was used, where B is a constant determined by
numerical experiment and Ax and Ay are the grid
spacings.
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Surface heat energy balance

The surface temperature T,, is determined by
solving an energy budget equation at the earth’s
surface. Currently T, is computed from

Rs+ R, =Qu+Qy ... 14

where Ry is the incoming flux of the solar radi-

ation, R; the outgoing long wave radiation flux,

1[?,, the sensible heat flux and Qp the soil heat
ux.

The calculations of the short wave radiative
flux, R, and the long wave radiative flux, R,, fol-
low Gross (1987). The effect of terrain on the
radiation components is taken into account. The
heat fluxes Q), and Q; are given by

Q1= — Py,

where u. is the friction velocity, 0. the potential
temperature scale, A, soil diffusivity, T« soil tem-
perature, and z. denotes depth below the ground.
Temperature in the soil is obtained from the heat
conduction equation for which boundary con-
ditions are the surface temperature and the soil
constant temperature 0.5 m below the earth’s
surface.

Numerical aspects and computational domain
The prognostic equations presented in the section
on model equations are integrated forward
explicity in time with the time step chosen to sat-
isfy the Courant-Friedrichs-Leury (CFL) cri-
terion. Centred difference approximations are
used in space; the advective terms are evaluated
by upstream difference with a spline technique.

To increase the accuracy of the finite difference
approximations, a staggered grid is used, both
horizontally and vertically. In the horizontal
directions, a grid interval of Ax=Ay= 1000 m is
adopted, while in the vertical direction an
expanding grid, with the greater resolution
AZ =20 m near the ground, is used. Numerical
calculation is performed on a 101 X 61 X 43 grid-
point domain while the top boundary is located at
z=T7.4 km. An additional five levels are below the
earth’s surface to calculate heat flux in the soil.

The mesoscale pressure, p’, is computed by
solving a three-dimensional discrete Poisson
equation with a Neumann boundary condition.
The equation is solved directly by Gaussian
elimination in the vertical and eigenfunction
decomposition and fast Fourier transforms in the
horizontal directions (Schumann and Volkert
1984).

Boundary and initial conditions

A no-slip lower boundary condition u=v=0 is
imposed. The land temperature, T,,is obtained by
solving the heat energy balance equation at the
ground. For the turbulent kinetic energy, E, and
its dissipation rate, &, the boundary values are pre-
scribed at the first grid level above the surface
as

w3
& X0, z—1/D)

. " ... 16
E= <Ku ze)
¢n1cp

where x is the Von-Karman constant, L the
Monin-Obukhov length, and ¢,, the universal
function for momentum (Sha et al. 1991). At the
upper boundary all variables are fixed at their
initial values. In the upper levels of the model, an
absorbing layer is employed using Rayleigh
damping to suppress downward reflection of
energy. At the inflow lateral boundary, u,v,w are
fixed at their initial values and a similar absorbing
region is installed upstream. This region serves to
maintain the integrity of the upstream profiles
throughout the integration. At the outflow lateral
boundaries, a radiation condition is used (Sha et
al. 1991). For potential temperature, 0, turbulent
kinetic energy, E, and its dissipation, €, at the lat-
eral boundaries, it is assumed that

9 -

& Ee=0,

9.0, E ¢)=0. 17
y

Initial upwind profiles of velocity and potential
temperature used in our experiments are designed
to incorporate various characteristics of profiles
observed in the Adelaide Hills region, but no par-
ticular case is modelled. These vertical profiles
are assumed to be horizontally homogeneous
in the computational domain. Based on the
observed behaviour, the following numerical
experiments are designed to investigate the sensi-
tivity of the results to the upper-level westerly
wind, the critical level and the elevated subsid-
ence inversion.

Results and discussions

Control run with critical layer and elevated
inversion layer

The initial velocity, u, and potential temperature
profiles, 0, for the control run are shown in Fig. 5
(initial values of v and w are always set to zero).
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Fig. 5 [Initial velocity and potential temperature profiles
for the control run.
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The easterly wind in the lower layer has a maxi-
mum value at 500-m, and then decreases linearly
with height. The critical level (#=0) is set at
2000 m. Above the critical level, the wind blows
westerly with a maximum at 3000 m, and above
4500 m winds. are zero. An elevated inversion
layer is specified in the layer 1000-2000 m above
the ground.

The simulations were run until the numerical
solutions achieved a quasi-equilibrium state. Fig-
ure 6 shows the horizontal winds at different alti-
tudes. Strong surface winds are concentrated on
the lee slope of the ranges. In the vicinity of Adel-
aide the strong winds extend down to the lee slope
from the crest for about 4-5 km but then decrease
rapidly to a minimum (8-19 km from the crest),
and a reversed flow is formed. Further leeward the
wind speed increases again. These results are in
general agreement with the observations (Marsh
1987; Grace and Holton 1990). It is also seen in
surface: winds that the flow, beyond the urban
area, has a wake-like pattern. This structure is
considered to be associated with the reversed
flow. On the other hand, the winds over the south
part of the domain are much less changed. The
reversed flow also coincides with rotor activity. At
200 m height, the wind pattern is similar to that of
the surface, but the reversed flow is replaced by a
minimum wind speed. At higher levels, the wind
maximum moves upstream. At 740 m the wind
becomes quite uniform except for the flow over
the Mt Lofty summit. Thus, the shallow nature of
the Adelaide gully winds is also reproduced by the
model.

Figure 7 shows the vertical cross-sections of the
wind vectors (u-w), horizontal velocity, u, poten-
tial temperature, 9, and gradient Richardson
number, Ri, at y = 40 km. In Fig.7 (a)-(b), strong
downslope winds are developed on the lee side of
the ranges and a wind-speed maximum is formed
just over the leeward slope. A stagnant tongue of
fluid protrudes from the critical level. A region of

reversed flow (a rotor) is formed above the hilltop
at 1500 to 2000 m height, and the internal gravity
waves are overturning. Separation occurs in the
lower layer and then a shallow reversed circu-
lation at the lee foothill is formed. Figure 7(c)
illustrates the contours of the potential tempera-
ture. Wave breaking occurs within a trough about
8-10 km wide and is characterised by strong mix-
ing and a local reversal of the wind. Above the
2000 m level, the vertically propagating internal
gravity wave is suppressed. This feature can be
understood from Fig. 7(d). Above 2000 m height,
the Ri number is large (Ri> 1.5) whilst Kelvin-
Helmbholtz instability (KHI), indicated by slant
lines, occurs inside the wave-breaking region. The
wave-breaking region is acting as a reflector of the
internal gravity waves. Thus, a resonance is estab-
lished in the cavity between the ground and the
reversed flow that in turns leads to the strong
downslope wind on the lee slope. Vertical cross-
sections of wind vectors, horizontal velocity, u,
potential temperature, 6, and Ri at y= 10 km are
shown in Fig. 8. No severe downslope wind
occurs. Compared with Fig. 7, the wave is not
breaking although some waves are trapped in
higher levels. The flow is passing over the range
smoothly. The region of Kelvin-Helmholtz insta-
bility (KHI) does not exist. The surface wind
speed across this section is relatively unchanged
(see in Fig. 6)

Influence of the critical layer

The influence of the critical layer on the Adelaide
gully winds was investigated by altering the
upstream wind profile: (a) the critical level is
retained while the westerly wind in the upper layer
is removed, (b) the critical layer is replaced by a
uniform wind above 500 m, (c) the critical layer is
removed by specifying a uniform wind at all
levels. In all experiments above, the upstream ver-
tical potential temperature profile is the same as
that of the control run. The horizontal wind, u,
and potential temperature, 0, for these runs are
displayed in Fig. 9. '

Figures 10, 11 and 12 show the simulation
results. Comparing the flow structures to the con-
trol run in Figs 6 and 7, we first see that the flow
pattern in case (a) is almost the same as that of the
control run. This suggests that the westerly wind
in the upper layer is not a factor in generating the
Adelaide gully wind. In two other cases, the
numerical solutions are considerably different
from that in the control run. Shooting flow
appears along the lee slope and surface winds are
enhanced on the lee slope, but they are weaker
than that of the control case, and no wave break-
ing occurs. For each case the flow regime over
the range -appears analogous to a propagating
hydraulic jump in the lower layer while in the
upper layer the solution is dominated by a single






